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ABSTRACT
In this study, we evaluate how well the Goddard Earth Observing System Chem-
istry Climate Model (GEOSCCM) and theWhole Atmosphere Community Climate Model
(WACCM) reproduce the seasonal cycle of the tropical lower stratospheric water vapor in
theMicrowave Limb Sounder (MLS) and the European Centre forMedium-RangeWeather
Forecasts (ECMWF) ERA-Interim (ERAi). We also evaluate how well the chemistry-
climate models (CCMs) reproduce the key processes that regulate the seasonal cycle using
a forward, domain filling, diabatic trajectory model. The seasonal cycle from the MLS, the
ERAi, and the CCMs show general agreement. The troposphere-to-stratosphere transport
of water vapor in the trajectory model driven by the GEOSCCM (traj-GEOSCCM) and the
trajectory model driven by the WACCM (traj-WACCM) show differences when compared
to the trajectory model driven by the ERAi (traj-ERAi). The traj-GEOSCCM underesti-
mates the contribution to stratospheric water vapor from the Asian monsoon region during
summer, while the traj-WACCM run overestimates the contribution to stratospheric wa-
ter vapor from the Tropical West Pacific throughout the year. The final dehydration point
(FDP) of parcels in the traj-ERAi run is well reproduced in the GEOSCCM run. The traj-
WACCM run, however, overestimates the FDP density in the Tropical West Pacific and
underestimates it in Tropical Africa and South America. The traj-WACCM run also shows
a higher average FDP altitude. Both the traj-GEOSCCM and traj-WACCM do a good job
reproducing the contribution to the seasonal oscillation of the tropical lower stratospheric
water vapor in the traj-ERAi. Finally, both the CCMs predict that the seasonal cycle will be
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moister throughout the year by the end of the 21st century. The mean of the seasonal cycle
increases by 0.93 ppmv (25%) in the GEOSCCM and 1.85 ppmv (41%) in the WACCM.
The amplitude of the seasonal cycle in the GEOSCCM is predicted to increase by 0.64
ppmv (36%), while that in the WACCMwill decrease by 0.32 ppmv (28%). The trajectory
model driven by the two CCMs underpredict the changes in the moisture and amplitude of
the seasonal cycle from the CCMs.
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NOMENCLATURE
BDC Brewer-Dobson circulation
CCM chemistry-climate model
DJF December-January-February (boreal winter)
ECMWF European Centre for Medium-Range Weather Forecasts
ERAi ERA-Interim
FDP final dehydration point
GEOSCCM Goddard Earth Observing System Chemistry Climate
Model
H2O water vapor
JJA June-July-August (boreal summer)
RCP Representative Concentration Pathway
TST trosposphere-to-stratosphere transport
TTL tropical tropopause layer
WACCM Whole Atmosphere Community Climate Model
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I INTRODUCTION
I.1 Stratospheric water vapor
Stratospheric water vapor is important in stratospheric chemistry because it is thema-
jor source of hydroxyl (OH) radicals, which play a role in regulation of ozone [Solomon
et al., 1986]. Stratospheric water vapor also affects the radiative budget of the atmosphere:
Both observations and model simulations show increases in stratosphere humidity cool
the stratosphere and warm the troposphere [e.g. Forster and Shine, 1999; Dvortsov and
Solomon, 2001; Shindell, 2001; Forster and Shine, 2002; Solomon et al., 2010]. Atmo-
spheric GCMsimulations also show that the changes in stratospheric temperatures resulting
from stratospheric water vapor trends may also influence stratospheric circulation [May-
cock et al., 2013]. Moreover, warming of the climate system may lead to moistening of
the stratosphere, thereby generating a potential stratospheric water vapor feedback [Dessler
et al., 2013]. Therefore, the scientific community has attached great importance to improv-
ing out understanding of the processes that control stratospheric water vapor.
I.2 The source of stratospheric water vapor
Water vapor in the stratosphere comes from two major sources: oxidation from
methane in upper stratosphere [e.g. Bates and Nicolet, 1950; Dessler et al., 1994] and di-
rect troposphere-to-stratosphere transport (TST). TST occurs when air is transported from
upper troposphere to lower stratosphere by the wave driven Brewer-Dobson circulation
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(BDC) or occasionally by small-scale convective overshooting directly from the boundary
layer in the deep tropics [Fueglistaler et al., 2009].
It has become clear over the years that, in the tropics, the transition from troposphere
to stratosphere does not happen sharply, but happens gradually between 355 K (150 hPa, 14
km) and 425 K ( 70 hPa, 18.5 km) potential temperature in the tropics. This region shares
both the tropospheric and stratospheric properties and is often referred to as the ”tropical
tropopause layer” (TTL) [Sherwood and Dessler, 2000; Fueglistaler et al., 2009]. Essential
dehydration takes place during the slow ascent through the TTL [Sherwood and Dessler,
2000; Fueglistaler et al., 2009], and it largely determines the budget of stratospheric water
vapor [Mote et al., 1996; Randel et al., 2004; Fueglistaler et al., 2005].
There have been extensive studies on what controls the stratospheric water vapor
during the slow ascent through the TTL, and much progress has been made. To explain
the low concentration of moisture in the stratosphere, Brewer [1949] noted that most air
enters the stratosphere above the deep tropics, where it encounters extremely low tropi-
cal tropopause temperatures and most of the water condenses and is removed. Then air
is transported poleward to mid-latitudes and downward at higher latitudes. Newell and
Gould-Stewart [1981] postulated a ”stratospheric fountain” to add more detail to the theory
and to explain the low stratospheric water vapor concentrations compared to the tropical
tropopause temperatures. They suggested that air enters the stratosphere through regions
with lowest temperatures in the tropicalWestern Pacific. Later Dessler [1998] re-examined
the ”stratospheric fountain” and found that the theory of air entering the stratosphere pref-
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erentially in colder regions may not be necessary since the annually and zonally averaged
water vapor mixing ratio entering the stratosphere agrees with the tropical-tropopause min-
imum saturation. Holton and Gettelman [2001] pointed out the horizontal transport of air
during the slow ascent may explain the discrepancy between the average tropopause tem-
perature and the observed low concentration of water vapor. They suggested that, while
traveling upward, moist air may go through the ”cold trap” following horizontal advection,
rather than following direct vertical motions, so that it is these coldest temperatures that
determine the moisture of air entering the stratosphere.
Since tropical tropopause temperature largely controls stratospheric water vapor, the
strong seasonal cycle in the tropical tropopause temperature is imprinted on the annual
cycle of the tropical lower stratospheric water vapor [Mote et al., 1995, 1996]. This sig-
nal is commonly referred to as stratospheric water vapor tape recorder. Later observations
pointed out that the seasonal cycle of the stratospheric water vapor is not spatially uniform.
Early analyses based on satellite measurements suggested that the seasonal cycle of water
vapor at 100 hPa has maxima in the northern hemisphere subtropics, and that both strato-
spheric moist and dry air are transported from the northern hemisphere tropics to the deep
tropics and southern hemisphere [Randel et al., 1998; Pumphrey et al., 2000]. Other obser-
vational studies on the seasonal variation of water vapor pointed out the largest seasonal
cycle was observed near northern hemisphere monsoon regions, which were emphasized
as the source regions for the seasonal cycle [e.g. Randel et al., 2001; Park et al., 2004].
The spatial variations of the seasonal cycle suggest that the mechanisms that control the
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concentration of stratospheric water vapor are complicated, so it is necessary to enhance
the understanding of the source of the stratospheric water vapor.
Further details concerning the transport pattern and dehydration locations in the TTL
have been explored with the aid of Lagrangian trajectory models, which have been able to
accurately simulate water vapor concentrations in the TTL and lower stratosphere [e.g.
Gettelman et al., 2002; Jensen and Pfister, 2004; Fueglistaler et al., 2005; Schoeberl and
Dessler, 2011]. Trajectory studies have shown that the initialization location of most air
parcels that make it to the stratosphere lies in the Tropical West Pacific at the base of the
TTL, and that most air parcels in the TTL are transported through the Tropical West Pa-
cific and dehydrate there, following the upper level horizontal circulation during slow as-
cent [Hatsushika and Yamazaki, 2003; Fueglistaler et al., 2004;Schoeberl et al., 2013]. By
comparing the impact of different hypothetical transport pathways on the predicted water
vapor, Bonazzola and Haynes [2004] confirmed that the pattern of both vertical transport
and horizontal transport are important in determining the budget of the stratospheric water
vapor. Levine et al. [2007], using both a tracer transport model and trajectory calcula-
tions, also suggested that although in winter most stratospheric tracers originated from the
Tropical West Pacific, their vertical motion through the TTL is accompanied by horizontal
transport, and that they entered the stratosphere in many locations.
Meanwhile, previous studies have also focused on the South-East Asian monsoon
region, where the transport pathway has been well explored, but the impact from that re-
gion on the mean tropical stratospheric water vapor is still being debated. Early global
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model simulations suggested the primary source for moisture in the tape recorder signal is
the air stream originating from the South-East Asian monsoon [Bannister et al., 2004; Get-
telman et al., 2004; Lelieveld et al., 2007]. Trajectories initialized within the Asian sum-
mer monsoon anticyclone suggested that air is lofted from the planetary boundary layer
by convection into the anticyclone, where it is organized in the upper troposphere and is
transported further upward into the stratosphere following the strong upwelling [Bergman
et al., 2013; Garny and Randel, 2016]. Orbe et al. [2015] investigated the air mass origin
from boundary layer using tracer independent model calculations, and concluded that 20%
of the tropical lower stratospheric air originated from Asia. However, Wright et al. [2011]
showed that even though in boreal summer Southeast Asia is an important region of origin
for lower stratospheric air, its contribution to the tropical mean stratospheric water vapor
during the annual maximum is small. Schoeberl et al. [2013] also suggested that although
there’s isolation of the air during TST in the Asian monsoon region, it is not contributing
as much as the deep tropics.
I.3 The stratospheric water vapor in a changing climate
Understanding how stratospheric water vapor will change during the 21st century is
of great importance to the modeling community, since the changes have important impacts
on the climate [e.g. Forster and Shine, 1999; Maycock et al., 2013; Dessler et al., 2013].
Previous studies have mostly focused on the trend of the stratospheric water vapor in the
climate models. Gettelman et al. [2010] analyzed 18 coupled chemistry-climate models
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and showed that water vapor above the tropical tropopause is predicted to increase during
the 21st century. Meanwhile, several studies suggested qualitatively that the long-term
changes in the stratospheric water vapor are in agreement with the trend of the temperatures
in the TTL [e.g. Fueglistaler and Haynes, 2005; Oman et al., 2008; Gettelman et al., 2009;
Kim et al., 2013]. Dessler et al. [2016] showed that, in two chemistry-climate models,
50-80% of the increase in tropical lower stratosphere humidity is attributed to the warming
trend of the TTL, and that the remainder of the increase can be explained by the trend in
the evaporation of ice lofting from convective overshooting.
Since the seasonal cycle is one of the key features of the tropical lower-stratospheric
water vapor, it is important to understand how the seasonal cycle will change in a warming
climate. Smith et al. [2000] investigated the trends in the seasonality from January 1992 to
April 1999 using HALOE water vapor data and pointed out that there’s an increasing trend
in the amplitude above the tropical tropopause. However, there’s a lack of studies exam-
ining how the seasonal cycle of the tropical lower stratospheric water vapor will change as
the climate changes during the 21st century in climate models.
I.4 Motivation and thesis outline
We infer from previous studies that the seasonal cycle is one of the key features of the
tropical lower stratospheric water vapor, so it is important that the climate models repro-
duce the observed seasonal cycle. Since the previous studies showed that small variations
in the transport and dehydration of moisture in the TTL may lead to important changes in
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many aspects of the stratospheric water vapor, it is also important that the good simulations
of the tropical lower stratospheric water vapor in the climate models come from good sim-
ulations of the key processes that regulate the water vapor. Also, there’s a lack of studies
investigating how the seasonal cycle of the tropical lower stratospheric water vapor will
change during the 21st century in the climate models, so it is interesting to explore it and
relate the changes in the seasonal cycle with the changes in the key processes that regulate
it.
In our study, we explore how well two state-of-the-art chemistry-climate models
(CCMs) reproduce the seasonal cycle of the tropical lower stratospheric water vapor by
comparing the seasonal cycle from the CCMs to that from the observations and reanaly-
ses. We also examine the large-scale transport and dehydration in the TTL in a Lagrangian
forward trajectory model driven by the CCMs and reanalysis meteorological fields. In
particular, we will answer these following questions:
1) How well do the CCMs reproduce the tropical lower stratospheric water vapor,
especially its seasonal cycle?
2) If the CCMs do reproduce the seasonal cycle accurately, does that come from their
good simulations in the key processes that regulate the tropical lower stratospheric water
vapor? Or if they don’t well reproduce the seasonal cycle, what can be missing in the key
processes? We address this question using the trajectory model driven by the CCMs in
three aspects: the details of the transport of water vapor into the stratosphere, the final
dehydration locations of air parcels, and the regional contribution to the seasonal cycle.
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3) How does the seasonal cycle of the tropical lower stratospheric water vapor change
during the 21st century in the CCMs, and can the trajectory model driven by the CCMs
reproduce those changes?
4) How do the final dehydration locations change during the 21st century in the tra-
jectory model driven by the CCMs?
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II METHODS
II.1 Trajectory model setup
We use the forward, domain filling, diabatic trajectory model described in Schoeberl
and Dessler [2011] in this study. The model uses the Bowman trajectory code [Bowman,
1993; Bowman and Carrie, 2002] and is driven by 6-hourly heating rate and two dimen-
sional horizontal winds from reanalyses or chemistry-climate models (CCMs). The trajec-
tory model integration begins with parcels initialized in the upper troposphere on an equal
area longitude-latitude grid which is approximately 5° by 5°, and covers 0-360° longitude
and  40° latitude. The initialization level is 360 K potential temperature, which is above
the average level of zero heating ( 355-360 K) [Fueglistaler et al., 2009] but below the
tropical tropopause, so that most parcels move upward following the ascending branch of
the BDC and experience dehydration.
All parcels are initialized with 200 parts per million by volume (ppmv) H2O. The
trajectory model’s time step is 45 minutes and uses a standard fourth-order Runge-Kutta
scheme. At the end of each day, any parcel that moves above 5000 K or below 250 hPa is
removed. Reanalysis or CCM temperatures are linearly time-space interpolated to parcel
locations to determine the local relative humidity (RH) along each trajectory. Anytime the
RH exceeds 100%, which is the predetermined saturation threshold, parcels are dehydrated
so that RH is reduced to the saturation threshold. We define a parcel to have reached the fi-
nal dehydration point (FDP) if no further dehydration occurs in 180 days. Finally, methane
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oxidation is included in the model, but is unimportant in the region of the atmosphere we
are focusing on. We do not include adjustments for missing cloud physics or unresolved
temperature fluctuations, which could lead to lower or higher simulated water vapor con-
centrations than observations [Schoeberl et al., 2014; Schoeberl et al., 2015], but has little
impact on anomalies (deviations from a reference state).
We will first analyze the period 2005 to 2014 based on data from the reanalysis and
the CCMs. Parcels are injected every day for two consecutive years (i.e. 2004 - 2005, 2006
- 2007, ..., 2013 - 2014), and each trajectory is integrated to the end of the second year. We
analyze the second year of each two-year period (i.e. 2005, 2006, ..., 2014), because the
stratospheric domain is filled during the second year. All results shown are the mean of
the ten-year analyses. Then we repeat the test for the period 2089 to 2098 based on data
just from the CCMs.
II.2 Trajectory model input
The trajectory model is driven by 6-hourly horizontal winds and 6-hourly aver-
age diabatic heating rates; water vapor is controlled by 6-hourly instantaneous temper-
atures. These fields come from the European Centre for Medium-Range Weather Fore-
casts (ECMWF) ERA-Interim (ERAi) data set, Goddard Earth Observing System Chem-
istry ClimateModel (GEOSCCM), and theWhole Atmosphere Community ClimateModel
(WACCM).
ERAi is a global atmospheric reanalysis extending from 1979 onwards [Dee et al.,
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2011]. For ERAi data, there are 60 hybrid levels extending from the surface to 0.1 hPa,
with horizontal resolution of 1° latitude by 1° longitude. The GEOSCCM couples the
GEOS-5 climate model to a comprehensive stratospheric chemistry module [Rienecker
et al., 2008; Molod et al., 2012]. In this study, the simulation we use is from 1998 to
2099 and is driven by the Representative Concentration Pathway (RCP) 6.0 greenhouse
gas scenario [Van Vuuren et al., 2011] and the A1 scenario for ozone depleting substances
[World Meteorological Organization, 2011]. The model has horizontal resolution of 2°
latitude by 2.5° longitude and 72 vertical levels up to the model top at 0.01 hPa. WACCM
is a component of the National Center for Atmospheric Research (NCAR) Community
Earth System Model (CESM), and the simulation we use is a specified chemistry version
of WACCM (SC-WACCM), which is a model with prescribed trace gas concentrations
and short wave heating rates from previous WACCM simulations. The simulation used
here extends from 1955 to 2100 and is driven by the RCP 8.5 greenhouse gas scenario
[Van Vuuren et al., 2011]. WACCM has 66 vertical layers from the surface to 5:110 6
hPa (140 km) and its horizontal resolution is 1.9° latitude by 2.5° longitude [Marsh et al.,
2013].
In this paper, we will first examine the tropical lower stratospheric water vapor from
the GEOSCCM and WACCM. Then we will analyze output from the trajectory model
driven by the ERAi (hereafter traj-ERAi), GEOSCCM (traj-GEOSCCM), and WACCM
(traj-WACCM) in order to determine how well the CCMs reproduce the key processes that
regulate the water vapor in tropical lower stratosphere.
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II.3 Trajectory analyses of the mass of water vapor entering the stratosphere
In the trajectory analyses, we pay particular attention to the 380-K isentropic surface,
which is close to the tropical tropopause and divides the stratosphere into the ”overworld”
and the ”middleworld” [Hoskins, 1991]. We will use this level as the dividing line between
the troposphere and stratosphere. If a parcel makes it to the 380-K level between 40° lat-
itudes, we define that parcel to have entered the stratosphere. We are only concerned with
the first time trajectories cross the 380-K surface between  40° latitudes, so additional
crossings are not counted. On average, it takes 39 days for parcels to enter the stratosphere
after initialization for all trajectory model runs.
We assume each parcel carries equal amount of air mass, so the mass of air carried
by a group of parcels is proportional to the number of parcels in this group. When a parcel
crosses the 380-K level, its water vapor mixing ratio is specifically identified ([H2O]380K).
We define the mass of water vapor entering the stratosphere in a specific month, mentryH2O , to
be proportional to the sum of the [H2O]380K in these parcels while they cross the 380-K
surface during this month.
Finally, it should be noted that some dehydration can occur above the 380-K level.
So the assumption that the mass of water vapor entering the stratosphere is equal to the
flux through the 380-K surface will overestimate the moisture flux into the lower strato-
sphere. In Table 2.1 we show the percentage of FDPs that occur above the 380-K potential
temperature surface in the traj-ERAi run, traj-GEOSCCM run, and traj-WACCM run re-
spectively. We also show the average overestimation of the moisture flux into the lower
12
Table 2.1: FDP statistics in the trajectory model.
traj-ERAi traj-GEOSCCM traj-WACCM
FDPs above 380-K 7% 7% 33%
overestimation 0.12 ppmv4.46%
0.11 ppmv
3.13%
0.52 ppmv
15.29%
stratosphere, which is obtained by differencing [H2O]380K and [H2O]FDP (the average wa-
ter vapor mixing ratio at the parcels’ final dehydration point). This assumption results in
a overestimation less than 10% in both the traj-ERAi run and traj-GEOSCCM run, with
a slightly higher value for traj-WACCM. We only use this assumption that the mass of
water vapor entering the stratosphere is equal to the flux through the 380-K surface in the
section where we investigate the details of the transport of water vapor into the strato-
sphere. This assumption is not used in the analysis of the seasonal cycle of the tropical
lower stratospheric water vapor, so the overestimation we discussed above is not included
in the seasonal cycles we show.
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III RESULTS
III.1 Tropical lower stratospheric water vapor in the GEOSCCM and WACCM
In this section, we investigate how well the GEOSCCM and WACCM reproduce the
tropical lower stratospheric water vapor seasonal cycle during the period 2005 to 2014.
In Fig. 3.1 we compare the seasonal cycle of the tropical lower stratospheric water vapor
from the CCMs to that from the observation and the reanalysis. The observation of the
seasonal cycle comes from the Earth Observing System (EOS) Microwave Limb Sounder
(MLS) version 4.2 level 2 water vapor. We show the seasonal cycle of the 100-hPa water
vapor mixing ratio (ppmv) averaged between 20°S - 20°N latitudes.
The GEOSCCMproduces a seasonal cycle that generally agrees with the observation
and reanalysis (panel (a)). The mean of the seasonal cycle simulated by the GEOSCCM
(circular marker) is 0.28 ppmv lower than the MLS (dashed line) and 0.72 ppmv lower
than the ERAi (solid line). The phase of the seasonal cycle in the GEOSCCM agrees with
that from the MLS and ERAi. The peak-to-peak amplitude is close to the observation and
the reanalysis, which is 0.38 ppmv smaller than that from the MLS and 0.05 ppmv smaller
than that from the ERAi (panel (b)).
The WACCM, on the other hand, overestimates the average value of water vapor at
100 hPa and produces a weaker seasonal oscillation. The mean of the seasonal cycle from
the WACCM (triangular marker, panel (a)) is 0.96 ppmv larger than that from the MLS
and 0.52 ppmv larger than that from the ERAi. Since the WACCM produces a seasonal
14
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Figure 3.1: Seasonal cycle of 100-hPa water vapor (ppmv) averaged over the period from
2005 to 2014, between 20°S - 20°N latitudes. (a) The seasonal cycle. (b) The peak-to-peak
amplitude.
cycle with maximum value similar to the observation and reanalysis, the overestimation in
the mean comes from the overestimation of winter water vapor concentrations. This also
means that the seasonal cycle from the WACCM is weaker, with an amplitude 1.42 ppmv
smaller than the MLS and 1.09 ppmv smaller than the ERAi.
Fig. 3.2 provides a more comprehensive view of how well the GEOSCCM and
WACCM reproduce the tropical lower stratospheric water vapor. We compare the water
vapor distribution (ppmv) at 100 hPa from the two CCMs to that from the reanalysis and
observation. Compared to the MLS (panels (a), (b), and (c)) and ERAi (panels (d), (e), and
(f)), the GEOSCCM generally does a good job reproducing the annual average (panel (g))
and the boreal winter (panel (i)) water vapor distribution. During boreal summer (panel
(h)), however, the GEOSCCM overestimates the water vapor concentration in the Sub-
tropical West Pacific and underestimates water vapor concentration in the deep tropics and
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Figure 3.2: Water vapor mixing ratio (ppmv) at 100 hPa between 40°N and 40°S during
the period 2005 to 2014. First row (a-c): MLS; Second row (d-f): ERAi; Third row (g-i):
GEOSCCM; Fourth row (j-l): WACCM. First column (a, d, g, and j): annual average;
Second column (b, e, h, and k): boreal summer (JJA); Third column (c, f, i, and l): boreal
winter (DJF).
the southern hemisphere. The WACCM overall produces higher water vapor concentra-
tion (panels (j), (k), and (l)). In particular, the boreal winter water vapor concentration in
the WACCM is on average 1.29 ppmv and 1.02 ppmv larger than that in the MLS and in
the ERAi respectively. The overestimation of the water vapor in boreal winter results in a
weaker seasonal contrast in the WACCM, which is also shown in the seasonal cycle (Fig.
3.1).
In order to investigate the drivers of the seasonal cycle, we calculate the transport of
water vapor across the 100-hPa surface, which is quantified by the water vapor mass flux.
To do this, we multiply the water vapor amount by the potential temperature tendency (dqdt ,
16
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Figure 3.3: Potential temperature tendency (K=month) at 100 hPa between 40°N and 40°S
during the period 2005 to 2014. First row (a-c): annual average; Second row (d-f): boreal
summer (JJA); Third row (g-i): boreal winter (DJF). First column (a, d, and g): ERAi;
Second column (b, e, and h): GEOSCCM; Third column (c, f, and i): WACCM.
Fig. 3.3) deduced from the diabatic heating rates. Fig. 3.4 shows the water vapor mass
flux in the ERAi and the CCMs.
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Figure 3.4: The water vapor mass flux (kg K=m2=month) at 100 hPa between 40°N and
40°S during the period 2005 to 2014. First row (a-c): annual average; Second row (d-f):
boreal summer (JJA); Third row (g-i): boreal winter (DJF). First column (a, d, and g):
ERAi; Second column (b, e, and h): GEOSCCM; Third column (c, f, and i): WACCM.
The annual average distribution from the ERAi (Fig. 3.4a) shows that the upward
transport of water vapor into the stratosphere locates in the deep tropics between 15°N
and 15°S. In the deep tropics, the flux is particularly strong in the Tropical West Pacific.
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Other important regions include South Asia, Tropical Africa and South America. These are
also regions of strong upward motion through the 100-hPa surface (Fig. 3.3a). In boreal
summer (Fig. 3.4d), stronger water vapor mass flux lies in the Asian monsoon region, the
Tropical West Pacific, and the Central to East Pacific. In boreal winter (panel (g)), the
water vapor mass flux is strong in the Tropical West Pacific and South America. Note
the distribution of the ERAi flux closely mirrors the distribution of the ERAi potential
temperature tendency (panels (a), (d), and (g), Fig. 3.3) in the annual average and in boreal
summer and winter. This suggests that the water vapor mass flux into the stratosphere
is mainly controlled by the upward motion through the tropopause and that the spatial
variability in the water vapor concentration plays a smaller role.
The distribution of water vapor mass flux in the GEOSCCM (panels (b), (e), and (h),
Fig. 3.4) shows a similar pattern compared to that in the ERAi. However, the magnitude
of the flux in the GEOSCCM is much smaller, which is attributed to the weaker upward
motion at 100 hPa in the GEOSCCM (panels (b), (e), and (h), Fig. 3.3). This is particu-
larly apparent in the Tropical West Pacific. In boreal summer (panel (e)), the GEOSCCM
overestimates the dominance of upward transport of water vapor in the Subtropical West
Pacific and underestimates the dominance in the Tropical West Pacific, which is consistent
with the distribution of 100-hPa water vapor concentration in the GEOSCCM (Fig. 3.2h).
The WACCM (panels (c), (f), and (i), Fig. 3.4) shows reasonable agreement in the
Tropical West Pacific in the annual average and in boreal summer and winter. In boreal
summer, the water vapor mass flux in the Asian monsoon region and East Pacific is largely
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underestimated (panel (f)). In boreal winter, the water vapor mass flux is underestimated
in Africa and South America (panel (i)). The potential tendency at 100 hPa in theWACCM
(panels (c), (f), and (i), Fig. 3.3) shows a localized pattern confined in the Tropical West
Pacific region, which explains the dominance of the upward water vapor mass flux in that
region.
In summary, there’s general agreement between the tropical lower stratospheric wa-
ter vapor in the MLS, the ERAi, and the GEOSCCM in terms of the seasonal cycle, the
horizontal distribution of water vapor, and the distribution of water vapor mass flux across
the 100-hPa surface. The WACCM, however, shows weaker seasonal variability in the
100-hPa water vapor and shows localized water vapor mass flux in the Tropical West Pa-
cific region. The key dynamical processes that regulate the tropical lower stratospheric
water vapor in both CCMs still need to be investigated in detail.
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III.2 Investigation of the key processes using the trajectory model
Before diving into the details of the key processes, we first validate the seasonal
cycle of the tropical lower stratospheric water vapor simulated by the trajectory model
compared to that from the observation and the two CCMs to show any bias that may exist
in the trajectory model. Since the diabatic trajectory model uses an isentropic vertical
coordinate, in the trajectory analyses we are going to show results on isentropic levels
instead of isobaric levels. The seasonal cycle is defined to be the monthly water vapor
mixing ratio (ppmv) averaged over the period 2005 to 2014, between 20°S - 20°N latitudes
and 380 K - 390 K potential temperatures.
Fig. 3.5 shows that the seasonal cycle simulated by the traj-ERAi run (solid orange
line, panel (a)) is on average 1.03 ppmv lower than that from theMLS (solid blue line, panel
(a)). In our trajectory runs, we didn’t include adjustments for cloud physics [Jensen et al.,
2001] or the moistening effect of anvil ice from convective overshooting [e.g. Dessler,
2002; Jensen et al., 2007; Dessler et al., 2007], which results in an underestimation of the
water vapor in the trajectory model compared to the MLS [Schoeberl et al., 2014]. How-
ever, the trajectory model does a good job reproducing the seasonal variability: the phase
and the amplitude of the seasonal cycle from the traj-ERAi run is almost the same with
that from the MLS. This suggests that the trajectory model well reproduces the seasonal
oscillation of the tropical lower stratospheric water vapor in spite of the missing processes.
We also infer that the seasonal oscillation of the tropical lower stratospheric water vapor
is primarily driven by the TTL temperatures, which confirms Mote et al., [1996].
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Figure 3.5: The season cycle of water vapor (ppmv) averaged over the period 2005 to 2014,
between 20°S - 20°N latitudes and 380 K - 390 K potential temperatures. The seasonal
cycle is from the MLS, GEOSCCM, WACCM, and the trajectory model driven by the
ERAi and CCMs. (a) The seasonal cycle. (b) The peak-to-peak amplitude.
The seasonal cycle simulated by the traj-GEOSCCM run (orange line with circular
marker, Fig. 3.5a) has a mean 0.18 ppmv smaller than that from the GEOSCCM (blue
line with circular marker, Fig. 3.5a). But the amplitude of the seasonal cycle from the
traj-GEOSCCM run is similar to that from the GEOSCCM (Fig. 3.5b). The seasonal cycle
simulated by the traj-WACCM run (orange line with triangular marker, Fig. 3.5a) is on
average 0.69 ppmv lower than that from the WACCM (blue line with triangular marker,
Fig. 3.5a), with 0.97 ppmv underestimation in February in particular. The underestimation
of the minimum by the trajectory model also leads to an overestimation of the amplitude
(Fig. 3.5b), and specifically the amplitude is 0.32 ppmv larger than that from theWACCM.
Note both the traj-WACCM run and WACCM produce weaker seasonal cycles than the
observation, which suggests that the weaker seasonality is attributed to weaker seasonal
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oscillation in the TTL temperatures in the WACCM.
In summary, there is general agreement between the seasonal cycles from the MLS,
the CCMs, and the trajectory models driven by reanalysis and CCM winds. Controlled
by large-scale transport and TTL temperature, the trajectory model does a good job re-
producing the seasonal variability of the tropical lower stratospheric water vapor in the
observation and the CCMs. Therefore the trajectory model can be an appropriate tool to
evaluate the large-scale mechanisms regulating the seasonal cycle of the tropical lower
stratospheric water vapor in the CCMs.
III.2.1 The transport of water vapor into the stratosphere
We now examine the details of the transport of water vapor into the stratosphere
in the trajectory models. First, we trace parcels entering the stratosphere back to 360 K
to determine where stratosphere-bound parcels are crossing the 360-K surface, thereby
quantifying TTL transport within the models. Specifically, we examine the contribution
to mentryH2O from the 360-K level. To calculate this quantity, we collect all parcels crossing
the 380-K surface during each month and bin parcels by the latitude and longitude of the
parcels’ location when at 360 K. Then we sum the [H2O]380K (as defined in Section 2.3) in
each bin and divide that by the total [H2O]380K in all of the bins.
Fig. 3.6 shows the contribution tomentryH2O from the 360-K level in our trajectorymodel.
In the traj-ERAi run, we see that mass of water vapor in the lower stratosphere generally
originates between 15°N and 15°S on an annual average basis (panel (a)). In boreal summer
(JJA), more water vapor originates from Asian monsoon region, Subtropical West Pacific,
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Figure 3.6: Contribution (%) to mentryH2O from 360-K level during the period from 2005 to
2014. First row (a-c): annual average; Second row (d-f): boreal summer (JJA); Third row
(g-i): boreal winter (DJF). First column (a, d, and g): traj-ERAi run; Second column (b, e,
and h): traj-GEOSCCM run; Third column (c, f, and i): traj-WACCM run.
Tropical West Pacific, and East Pacific (panel (d)). In boreal winter (DJF), more water
vapor originates from Tropical Africa, the monsoon region near Australia, and Tropical
America (panel (g)).
We have shown the water vapor mass flux at 100 hPa in the ERAi and CCMs (Fig.
3.4), which allows us to examine where most water vapor enters the stratosphere. The
differences between Figures 3.6 and 3.4 show that moisture is horizontally transported
while it travels upward into the stratosphere, so it reaches the 100-hPa surface at different
locations from its initialization point. This agrees with previous studies that pointed out
the importance of horizontal movement during the troposphere-to-stratosphere transport
(TST) of air parcels [e.g. Holton and Gettelman, 2001; Fueglistaler et al., 2004; Bonazzola
and Haynes, 2004; Levine et al., 2007]. This is particularly apparent in boreal summer:
even though the Subtropical West Pacific is one of the major source regions at the 360-K
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initialization level for stratospheric moisture (Fig. 3.6d), it is not as dominant a region for
water vapor to enter the stratosphere (Fig. 3.4d).
The features discussed above are generally well reproduced by the traj-GEOSCCM
run (panels (b), (e), and (h)). But the traj-GEOSCCM run shows general underestimation
in the contributions compared to the result from the traj-ERAi run, especially in the Asian
monsoon region in boreal summer (panel (e)). The result from the traj-WACCM run shows
larger differences, includingmore intense regional contributions compared to the traj-ERAi
and traj-GEOSCCM run (panels (c), (f), and (i)). Specifically, the traj-WACCM run sub-
stantially overestimates the contribution from the Tropical West Pacific region throughout
the year, while it underestimates the JJA contribution from the East Pacific and the DJF
contribution from Tropical Africa and Tropical America.
III.2.2 Location of final dehydration
As explained in Section 2.1, a parcel dehydrates if its RH exceeds the predetermined
saturation threshold, and this may occur multiple times along its trajectory. Therefore, the
final dehydration point (FDP) of parcels plays a crucial role in determining the concentra-
tion of stratospheric water vapor. In this section, we test how well the CCMs reproduce
the location of FDPs.
Fig. 3.7 shows the horizontal distribution of FDPs. The horizontal distribution is
obtained by counting the number of parcels that reach their FDP in each equal area latitude-
longitude grid box ( 5° by 5°) at all altitudes and then dividing it by the total number of
parcels that reach FDP at all locations.
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The traj-ERAi run shows that the FDP maxima are located in the deep tropics be-
tween 15°S and 15°N, and that few FDPs occur in the subtropics. Specifically, the annual
average result from the traj-ERAi run (panel (a)) shows that the dominant region for FDP
is the Tropical West Pacific, where the TST of water vapor is strong (Figures 3.4 and 3.6)
and the temperatures tend to be low [Fueglistaler et al., 2009]. The distribution there shows
a symmetric pattern, with maxima located both north and south of the equator. Other FDP
maxima include Tropical Africa, South Asia, and South America. In boreal summer (Fig.
3.7d), FDPs are located in South Asia and the tropical Pacific. Few JJA FDPs occur in the
northern hemisphere subtropics, which suggests that although this latitude range is impor-
tant for the TST of water vapor in summer (Figures 3.4 and 3.6), it plays a minor role in the
dehydration of the stratospheric water vapor. Finally the DJF FDPs (Fig. 3.7g) are found
in the Tropical West Pacific, South America, and Tropical Africa.
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Figure 3.7: Horizontal distribution of FDPs (normalized distribution10 2) for all parcels
that enter the stratosphere between 40° N and 40° S, during the period from 2005 to 2014.
First row (a-c): annual average; Second row (d-f): boreal summer (JJA); Third row (g-i):
boreal winter (DJF). First column (a, d, and g): traj-ERAi run; Second column (b, e, and
h): traj-GEOSCCM run; Third column (c, f, and i): traj-WACCM run.
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The traj-GEOSCCM run does a good job reproducing the annual average and winter
FDPs in the traj-ERAi run. But in summer (Fig. 3.7e), the traj-GEOSCCM run shows
higher FDP density in the Indian Ocean and lower FDP density in South Asia compared
to the traj-ERAi run. The summer upward motion distribution from the ERAi shows a
local minimum in the Indian Ocean (Fig. 3.3d), but the GEOSCCM failed to reproduce
this feature and underestimates the upward motion in South Asia (Fig. 3.3e). These are
consistent with the differences in the FDP pattern between the traj-GEOSCCM run and the
traj-ERAi run.
The horizontal distributions of FDPs in the traj-WACCM run shows larger differ-
ences. Both the annual average (Fig. 3.7d) and the DJF (Fig. 3.7i) FDP density show sub-
stantial overestimation in the Tropical West Pacific and underestimation in Tropical Africa
and South America. In the Tropical West Pacific, the traj-WACCM run shows too high of
a density just south of the equator. During summer, the FDP density in the traj-WACCM
run shows an overestimation in South Asia (panel (c)). These overestimation and underes-
timation in the traj-WACCM run are consistent with the differences in the TTL transport
pattern compared to that in the traj-ERAi run (Figures 3.4 and 3.6).
The annual average vertical distribution of FDPs is shown in Fig. 3.8, with annual
temperature fields over-plotted. The vertical distribution is obtained in the same method as
the horizontal distribution using latitude-potential temperature grid boxes ( 5° by 2 K).
In the traj-ERAi run (panel (a)), most FDPs occur at the 368-K isentropic surface among
the coldest levels in the TTL, and only about 7% of the parcels have FDPs above the 380-
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Figure 3.8: Annual average vertical distribution of FDPs (normalized distribution10 2)
for all parcels that enter the stratosphere between 40°N and 40°S during 2005-2014, with
annual average zonal mean temperature contours over-plotted.
K surface (Table 2.1). So the amount of moisture entering the stratosphere is basically
determined before parcels cross the 380-K surface.
The vertical distribution of FDPs produced by the traj-GEOSCCM run captures the
features of the traj-ERAi run well (panel (b)). Most FDPs in the traj-GEOSCCM run occur
at 366-K isentropic surface, and only 7% of the parcels dehydrate above the 380-K surface.
The vertical distribution of FDPs produced by the traj-WACCM run, on the other hand,
shows more significant differences (panel (c)). First the temperature field shows the cold
region in the WACCM is centered at higher levels than that in the ERAi. This results in
FDPs being higher in the traj-WACCM run, with 33% of the parcels dehydrating above
the 380-K surface. In addition, the traj-WACCM run shows, in the deep tropics, there’s
a higher FDP density in the Southern Hemisphere, which is the same overestimation in
southern Tropical West Pacific seen in the horizontal distribution in Fig. 3.7.
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III.2.3 The regional contribution to the seasonal cycle
In previous sections we showed that the deep tropics between 15°S and 15°N dom-
inates both the annual transport of water vapor into the stratosphere and the annual final
dehydration, while the northern hemisphere subtropics (15°N - 40°N) plays an important
role in the summer TST of water vapor. The CCMs do a good job reproducing these fea-
tures. In this section, we focus our investigation on how well the CCMs reproduce the
contribution to the seasonal cycle of the tropical lower stratospheric water vapor from the
three latitude bands: 40°S - 15°S (SH), 15°S - 15°N (TR), and 15°N - 40°N (NH). The
seasonal cycle is the monthly water vapor mixing ratio (ppmv) averaged over the period
2005 to 2014, between 20°S - 20°N latitudes and 380 K - 390 K potential temperatures.
We investigate the contribution from the three latitude bands at two isentropic levels
respectively, including the 360-K level and the 380-K level. For the 360-K level, we exam-
ine cycle(SH360K), cycle(TR360K), and cycle(NH360K). These are seasonal cycles in the
trajectory model including just the water vapor from parcels initialized in SH, TR, and NH
respectively. This is achieved by first identifying all the parcels initialized in a specific lat-
itude band and then removing water vapor from all parcels outside that latitude range. For
the 380-K level, we examine cycle(SH380K), cycle(TR380K), and cycle(NH380K), which
are seasonal cycles computed using the same method, including just the water vapor from
parcels that go through SH, TR, and NH at the 380-K surface.
We first compare these seasonal cycles with the reference seasonal cycle (the sea-
sonal cycle without removal of any water vapor) in Fig. 3.9. Based on the cycle(SH360K),
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Figure 3.9: Comparison between the reference seasonal cycle (black) simulated by the
trajectory model and the cycle(SH360K) (blue), cycle(TR360K) (green), and cycle(NH360K)
(red) (a - c), and the cycle(SH380K) (blue), cycle(TR380K) (green), and cycle(NH380K) (red)
(d - f). First column (a and d): traj-ERAi run; Second column (b and e): traj-GEOSCCM
run; Third column (c and f): traj-WACCM run.
cycle(TR360K), and cycle(NH360K) in the traj-ERAi run (panel (a)), we see that the sea-
sonal cycle is dominated by the cycle(TR360K) (green), which is perfectly in phase with
the reference seasonal cycle and has larger water vapor value than cycle(NH360K) (red)
and cycle(SH360K) (blue). The cycle(NH360K) is also in phase with the reference seasonal
cycle, but the seasonal oscillation is weaker. The cycle(SH360K), however, shows little sea-
sonal variability. Similar to Fig. 3.9a, Fig. 3.9d shows that the seasonal cycle is dominated
by cycle(TR380K).
The result from the traj-GEOSCCM run (Figures 3.9b and 3.9e) and the traj-WACCM
run (Figures 3.9c and 3.9f) agreewith the traj-ERAi run that the seasonal cycle is dominated
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by the parcels initialized and entering the stratosphere in the TR. But the cycle(NH360K),
cycle(SH360K), cycle(NH380K), and cycle(SH380K) show differences compared to the traj-
ERAi run. Specifically, the cycle(NH360K) in the trajectory driven by the CCMs are not in
phase with the reference seasonal cycle, peaking two or three months earlier than the ref-
erence seasonal cycle. Meanwhile the cycle(SH360K) in the trajectory driven by the CCMs
has an almost opposite phase compared to the reference seasonal cycle (panels (b) and
(c)). The cycle(NH380K) and cycle(SH380K) show similar features as the cycle(NH360K)
and cycle(SH360K), but with weaker seasonal oscillation.
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Figure 3.10: Contribution (%) from the SH, TR, and NH (a) at 360-K level and (b) at 380-K
to seasonal oscillation.
We also examine the contribution from the latitude bands to the seasonal oscillation
of the tropical lower stratospheric water vapor quantitatively. To do this, we first compute
the peak-to-peak amplitude of the reference seasonal cycle, and record the month when
the reference seasonal cycle reaches minimum (tmin) and the month when the reference
seasonal cycle reaches maximum (tmax). Then for each cycle(SH360K), cycle(TR360K),
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cycle(NH360K), cycle(SH380K), cycle(TR380K), and cycle(NH380K) we compute the dif-
ference between the water vapor mixing ratios during tmax and tmin and divide it by the
peak-to-peak amplitude of the reference seasonal cycle.
The contributions to the seasonal oscillation in the traj-ERAi run (black bars in Fig.
3.10) show that, at both the 360-K level and 380-K level, the TR is the dominant contrib-
utor, with contributions of 58% (Fig. 3.10a) and 76% (Fig. 3.10b) respectively. This is
consistent with our results in the previous sections. The TR dominates the transport of wa-
ter vapor into the stratosphere (Figures 3.3 and 3.6) and is the most important latitude range
for parcels’ final dehydration (Fig. 3.7), therefore the seasonal variability of the tropical
lower stratospheric water vapor is dominated by this latitude range.
Previous studies [e.g. Bonazzola and Haynes, 2004; Gettelman et al., 2004] and
our result from the traj-ERAi run (Figures 3.4 and 3.6) show that the troposphere-to-
stratosphere transport of water vapor in the Asian monsoon region has strong seasonal
variability, and that it is particularly strong in summer. But Fig. 3.10 shows that, com-
pared to the TR, the NH latitude band as a whole makes a smaller contribution to the
seasonal oscillation of the tropical lower stratospheric water vapor. This suggests that the
strong transport of water vapor into the stratosphere during summer in the Asian monsoon
region alone isn’t the major contributor to the seasonal oscillation of the tropical lower
stratospheric water vapor. This agrees with the result from Wright et al. [2011], who used
a similar method to explore the contribution from the South Asian summer convection to
the mean water vapor at 68 hPa.
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The contributions to the seasonal oscillation in the traj-GEOSCCM run and the traj-
WACCM run are generally similar to those in the traj-ERAi run. Some differences exist
in the contributions from the 360-K level. The contribution from the TR is overestimated
and the contribution from the NH is underestimated in the traj-GEOSCCM run (gray bars,
panel (a)). This is consistent with the underestimation in the contribution tomentryH2O from the
360-K level in the Asian monsoon region (Fig. 3.6d). Further more, the SH contributes
negatively to the seasonal oscillation in the traj-ERAi run, but the traj-GEOSCCM run
failed to reproduce this feature. The traj-WACCM run also overestimates the contribution
from the TR and underestimates the contribution from the NH at the 360-K level (white
bar, panel (a)). Finally, the contributions from the three latitude bands at the 380-K level
produced by the two traj-CCM runs are consistent with those in the traj-ERAi run (panel
(b)).
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III.3 The CCM predictions in a changing climate
In previous sections we showed that the CCMs generally do well in reproducing the
seasonal cycle of the tropical lower stratospheric water vapor and the key processes that
regulate it, which indicates the CCMs may provide insight in the stratospheric water vapor
in a changing climate. In this section we investigate how the seasonal cycle of the tropical
lower stratospheric water vapor changes and how the FDPs change during the 21st century
in the CCMs and in the trajectory model driven by the CCMs.
III.3.1 The seasonal cycle during 2089-2098
Both CCMs predict that the seasonal cycle will be moister in all months by the end of
the century (blue lines, Figures 3.11a and 3.11b), with a larger increase of moisture in the
WACCM in all months than in the GEOSCCM (blue lines with plus marker, Figures 3.11c
and 3.11d). Meanwhile, the amplitude of the seasonal cycle also changes. The GEOSCCM
shows a stronger seasonal cycle (blue dashed line, Figures 3.11a), with 0.64 ppmv (36%)
increase in the amplitude (Table 3.1). The WACCM, however, shows a weaker seasonal
cycle (blue dashed line, Figures 3.11b), with 0.32 ppmv (28%) decrease in the amplitude
(Table 3.1). Finally, both the GEOSCCM and the WACCM predict the phase of the sea-
sonally cycle will remain about the same.
We also examine how the trajectory model driven by the two CCMs reproduce the
features discussed above (orange, Figures 3.11a and 3.11b). First, both the trajectorymodel
runs agree with the CCMs that the phase of the seasonal cycle is predicted to show little
change in both trajectory runs. Second, the trajectory runs also predict the moisture in
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the seasonal cycle will increase by the end of the 21st century. However, the increase in
the moisture of the seasonal cycle predicted by the traj-GEOSCCM run is not as large as
that predicted by the GEOSCCM. There’s around 0.5 ppmv of increase in the annual mean
missing in the traj-GEOSCCM run (Table 3.1) and in September the traj-GEOSCCM un-
derestimates the increase by 0.98 ppmv (Fig. 3.11c). Finally, the prediction of the ampli-
tude of the seasonal cycle in the trajectory runs also differ from that in the CCMs. Both
the trajectory runs predict that the amplitude of the seasonal cycle will remain almost the
same during the century.
One possible issue in the trajectory models is their neglect of evaporation of convec-
tively lofted ice. The evaporation of lofted ice has a moistening effect on the air in the
lower stratosphere [e.g. Dessler, 2002; Jensen et al., 2007; Dessler et al., 2007; Grosvenor
et al., 2007; Schoeberl et al., 2014], and Dessler et al. [2016] pointed out that an important
part of the changes of tropical lower stratosphere moisture over the 21st century in these
two CCMs can be explained by the changes in the evaporation of lofted ice. We found
that the trajectory model does a better job reproducing the changes in both the mean value
and the amplitude of the season cycle during the century when convectively lofted ice data
from the GEOSCCM and WACCM is added (not shown). So the neglect of this process is
responsible for an important part of the differences between the trajectory model and the
CCMs.
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Table 3.1: Change in the mean and amplitude of the season cycle of the tropical lower
stratospheric water vapor by the end of the 21st century.
MEAN AMPLITUDE
GEOSCCM WACCM GEOSCCM WACCM
CCM 0.93 ppmv 1.85 ppmv 0.64 ppmv -0.32 ppmv
25% 41% 36% -28%
traj-CCM 0.44 ppmv 1.88 ppmv 0.06 ppmv 0.14 ppmv
12% 49% 3% 9%
III.3.2 Location of final dehydration during 2089-2098
Previous studies suggested that the long-term changes in the stratospheric water va-
por are largely attributable to the changes of temperatures at the coldest levels in the TTL
[e.g. Fueglistaler and Haynes, 2005; Oman et al., 2008; Gettelman et al., 2009; Kim et al.,
2013]. Changes in these temperatures may therefore lead to important changes in the fi-
nal dehydration point (FDP) of parcels, and further result in changes in the tropical lower
stratospheric water vapor. In this section, we show how the FDPs change during the 21st
century in the trajectory runs. The change in the FDPs is obtained by differencing the FDP
distribution during 2089 - 2098 and the FDP distribution during 2005 - 2014.
Fig. 3.12 shows how the annual average horizontal distribution of FDPs change
during the 21st century in the trajectory runs, with the change of the average temperatures at
the coldest levels (black) over plotted. The traj-GEOSCCM run predicts that the FDPs will
increase in the Tropical West Pacific and Tropical Africa, and that the FDPs will decrease
in the Indian Ocean, East Pacific, and the Atlantic (panel (a)). The change in the average
temperatures at the coldest levels (360K - 400K potential temperatures) plays an important
role in changing the FDP pattern horizontally. While temperatures increase everywhere in
35
the TTL, the increase of the FDPs occurs in the Tropical West Pacific where the increase in
the temperatures is the smallest, and the decrease of the FDPs occurs in most of the other
tropical regions where the increase of the temperatures is larger. Notice the increase of the
average temperatures at the coldest levels show maxima in the Asian monsoon region, but
since there’s few FDPs in that region both during 2005 to 2014 and during 2089 to 2098,
the traj-GEOSCCM run shows little change in the FDP density there.
The traj-WACCM run predicts that there will be more FDPs occurring in the Tropical
Africa and the Central and East Pacific, and fewer FDPs in the TropicalWest Pacific, Indian
Ocean, and northern Australia (Fig. 3.12b). The change in the temperatures at the coldest
levels (360 K - 420 K potential temperatures) from the WACCM shows a different pattern
compared to that from the GEOSCCM, which leads to a different pattern of the changes in
the FDP density. There’s maximum increase of the temperatures in the Indian Ocean and
the Tropical West Pacific, which results in the decrease of the FDPs in the Indian Ocean,
the Indonesian region, and northern Australia. While more parcels will have FDPs in other
regions where the temperatures show a less intense increase, including the Tropical Africa
and the East Pacific.
Fig. 3.13 shows the latitude-potential temperature distribution of changes in the
FDPs during the 21st century, with the change of the temperature field (black) and the
2005-2014 temperature field (gray) over plotted. In the traj-GEOSCCM run, the change
in the TTL temperature also plays an important role in changing the FDP pattern vertically
(panel (a)). Specifically, there will be a more intense increase in temperatures at the lower
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bound of the coldest region, which leads to more FDPs occurring at higher levels in the
deep tropics and fewer FDPs occurring at lower levels. Figures 3.12a and 3.13a together
show that the FDPs will mainly increase in the Tropical West Pacific between 380-K and
390-K isentropic surfaces and decrease in most of the other tropical regions at the lower
bound of the coldest region.
The latitude-potential temperature distribution in the traj-WACCM run predicts that
the FDPs in almost all locations in the tropics between  15° latitudes will take a large
step upward (Figure 3.13b). The temperature field during 2005-2014 and the change of
temperatures in theWACCMshow that themost intense increase of temperatures will occur
around the center of the coldest region in the TTL, and that a decrease of temperatures will
occur at the top of the TTL. Therefore, the coldest region in the TTL will be located at
a higher altitude during 2089-2098 in the WACCM. As a result, the increase in the FDPs
reaches a level as high as  420-K potential temperature, and the decrease of FDPs at the
lower bound of the coldest region reaches a level as high as  388-K. Figures 3.12b and
3.13b together show that the FDPs will mainly decrease in the Tropical West Pacific, the
Indian Ocean, and northern Australia below the coldest region, and increase in the Tropical
Africa and the Central and East Pacific at levels above the 382-K isentropic surface.
Finally, we focus on the annual cycle of the altitude of FDPs. We examine the
weighted-average FDP level, which is the average isentropic level when weighted by the
number of FDPs at each level. Figure 3.14a shows the monthly weighted-average FDP
level simulated by the traj-ERAi run and the trajectory model driven by the CCMs during
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2005 to 2014, as well as the monthly weighted-average FDP level predicted by the trajec-
tory model driven by the CCMs during 2089 to 2098. During 2005 to 2014, the traj-ERAi
run (solid line) finds an average FDP level between 370-K and 375-K potential temper-
atures throughout the year. There’s some seasonality in the FDP level, with the summer
level being lower than winter. In summer, parcels dehydrate at lower levels, where the
temperatures are higher, bringing moister air into the stratosphere, but this plays a minor
role regulating the seasonal cycle of the tropical lower stratospheric water vapor compared
to the seasonal oscillation of the TTL temperatures.
During 2005 to 2014, the annual cycle of FDP level in the traj-GEOSCCM run is
close to that from the traj-ERAi run (solid line with circular marker, Fig. 3.14a). During
the period 2089 to 2098, the traj-GEOSCCM run predicts there will be little change in the
FDP levels throughout the year (dashed line with circular marker). We notice there’s a
slight increase in the potential-temperature level of FDP in Fig. 3.14a. Since the predicted
pressure levels of the FDPs in the traj-GEOSCCM run show little change (not shown),
we conclude that the slight increase in the potential-temperature level of FDP is mainly
due to an increase in temperature (Fig.3.14b) rather than a decrease in pressure, which is
consistent with our result in Fig. 3.13a.
The traj-WACCM run produces much higher FDP levels in winter (solid line with tri-
angular marker, Fig. 3.14a) during the period 2005 to 2014, and predicts that the FDP level
will increase significantly by the end of the century (dashed line with triangular marker).
The elevated FDP level in the traj-WACCM run is in agreement with its latitude-altitude
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distribution of changes in the FDPs and the intense increase in the temperatures near the
coldest levels in the TTL (Figures. 3.13b and 3.14b). The intense increase in the TTL
temperature may be attributed to the RCP 8.5 scenario that drives the WACCM, which
produces a warm bias in the coldest regions [Kim et al., 2013]. However, the seasonal cy-
cle of the FDP level predicted by the traj-WACCM run will become weaker. The weakened
seasonal cycle of the TTL temperature (Fig. 3.14b) together with the weakened seasonal
cycle of FDP level result in the smaller amplitude of the seasonal cycle of the tropical lower
stratospheric water vapor by the end of the 21st century as predicted by the WACCM (Fig.
3.11).
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Figure 3.11: Panels (a) and (b): Comparison between the seasonal cycle (ppmv) of the
tropical lower stratospheric water vapor averaged over the period 2005 to 2014 and the
seasonal cycle averaged over the period 2089 to 2098 in the CCMs and the trajectory model
driven by the CCMs. Panels (c) and (d): the difference (ppmv) between seasonal cycles
during 2089 - 2098 and the seasonal cycles during 2005 - 2014.
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Figure 3.12: The annual average horizontal distribution of changes in the FDPs (normal-
ized distribution10 2) by the end of the 21st century. The change in the FDPs is obtained
by differencing the FDP distribution during 2089 - 2098 and the FDP distribution during
2005 - 2014. (a) traj-GEOSCCM run and (b) traj-WACCM run. The black contour shows
the changes in the temperatures at the coldest levels. The coldest levels are found in the an-
nual average zonal mean temperature fields during 2005 to 2014 shown in Fig.3.13, which
is 360 K - 400 K potential temperatures in the GEOSCCM and 360 K - 420 K potential
temperatures in the WACCM.
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Figure 3.13: The annual average vertical distribution of changes in the FDPs (normalized
distribution10 2) by the end of the 21st century predicted by (a) traj-GEOSCCM run and
(b) traj-WACCM run, with the differences of the zonal mean temperatures between periods
2089-2098 and 2005-2014 (black) and the 2005-2014 zonal mean temperature field (gray)
over-plotted.
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Figure 3.14: (a) Annual cycle of weighted average FDP level (potential temperature, K),
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IV SUMMARY
In this study, we evaluate how well two state-of-the-art chemistry-climate models
(CCMs) reproduce the observed seasonal cycle of the tropical lower stratospheric water
vapor. The chemistry-climate models include the Goddard Earth Observing System Chem-
istry Climate Model (GEOSCCM) and theWhole Atmosphere Community Climate Model
(WACCM). We do this by comparing the seasonal cycle of the tropical lower stratospheric
water vapor between the CCMs and the observations. We also evaluate the key processes
that regulate the tropical lower stratospheric water vapor using a forward, domain filling,
diabatic trajectory model. Furthermore, we explore how the seasonal cycle of the tropical
lower stratospheric water vapor changes over the 21st century in the CCMs.
We first compare the tropical lower stratospheric water vapor from the two CCMs
with that from the Earth Observing System (EOS) Microwave Limb Sounder (MLS) and
that from European Centre for Medium-RangeWeather Forecasts (ECMWF) ERA-Interim
(ERAi) during the period 2005 to 2014. We show the seasonal cycle of the 100-hPa water
vapor mixing ratio (ppmv) averaged between 20°S - 20°N latitudes (Fig. 3.1), the horizon-
tal distribution of 100-hPa water vapor (Fig. 3.2), and the water vapor mass flux across the
100-hPa surface (Fig. 3.4).
The seasonal cycle from the GEOSCCM is overall in good agreement with that from
the MLS and the ERAi. But the horizontal distribution of 100-hPa water vapor in the
GEOSCCM shows differences. During boreal summer (JJA), the GEOSCCM overesti-
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mates the water vapor concentration in the Subtropical West Pacific and underestimates
the water vapor concentration in the deep tropics (15°S - 15°N) and the southern hemi-
sphere.
The WACCM overall produces a higher water vapor concentration in both the sea-
sonal cycle and the 100-hPa horizontal distributions. In the 100-hPa horizontal distribution,
the boreal winter (DJF) water vapor concentration is especially large, which is on average
1.29 ppmv and 1.02 ppmv larger than that in the MLS and in the ERAi respectively. This
results in a weaker seasonal contrast in both the horizontal distributions and the seasonal
cycle in the WACCM.
The water vapor mass flux (Fig. 3.4) in the ERAi shows that strong upward transport
of water vapor into the stratosphere locates in the deep tropics (15°S - 15°N), especially
the Tropical West Pacific, throughout the year. Other flux maxima locate in the Asian
monsoon region during summer and in South America during winter. These regions of
stronger upward transport also correspond to the regions of stronger upward motion (Fig.
3.3), which suggests that the upwardmotion through the tropopause plays a more important
role than the spatial variability of the 100-hPa water vapor concentration in controlling the
water vapor mass flux through the 100-hPa surface.
The water vapor mass flux in the GEOSCCM shows a similar pattern with that in the
ERAi, but with smaller intensity, which can be explained by the weaker upward motion
(Fig. 3.3) in the GEOSCCM. The overestimation of the JJA water vapor concentration in
the Subtropical West Pacific results in an overestimation of the dominance of the upward
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transport in that region during summer and an underestimation of the dominance in the
Tropical West Pacific. The WACCM shows a much more localized pattern of the upward
transport, which is confined in the Tropical West Pacific throughout the year.
We then evaluate the mechanisms underlying the seasonal cycle of the tropical lower
stratospheric water vapor using the trajectory model. The trajectory model is driven by
two dimensional horizontal winds, diabatic heating rates, and temperatures from the ERAi
(traj-ERAi), GEOSCCM (traj-GEOSCCM), and WACCM (traj-WACCM). The seasonal
cycle of the tropical lower stratospheric water vapor in the trajectory model is defined to
be the monthly water vapor mixing ratio (ppmv) averaged between 20°S - 20°N over the
period 2005 to 2014 at latitudes and 380 K - 390 K potential temperatures.
We validate the seasonal cycles simulated by the trajectory model compared to the
observation and the CCMs. The trajectory model shows differences in the water vapor
concentration in the seasonal cycle. Since we didn’t include adjustments for cloud physics
[Jensen et al., 2001] or themoistening effect of anvil ice from convective overshooting [e.g.
Dessler, 2002; Jensen et al., 2007; Dessler et al., 2007] in our trajectory model, it results
in an underestimation of the water vapor concentration in the seasonal cycle compared to
the observation [Schoeberl et al., 2014]. However, the trajectory model shows little bias in
the phase and amplitude of the seasonal cycle. The agreement in the seasonal oscillation
of the annual cycles between the trajectory model, the MLS, and the CCMs indicates that
the seasonal variability is largely controlled by the TTL temperatures. The agreement also
suggests that the trajectory model can be an adequate tool to evaluate the key processes
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regulating the seasonal cycle of the tropical lower stratospheric water vapor in the CCMs.
We next examine the details of the transport of water vapor into the stratosphere in
the trajectory model. We use the contribution to mentryH2O from the 360-K level (Fig. 3.6),
where the notation mentryH2O indicates the mass of water vapor entering the stratosphere. The
traj-ERAi run shows that the contribution from the deep tropics (15°S - 15°N) is strong
throughout the year, and that the contributions from the subtropics show seasonal variabil-
ity. In boreal summer, regions of strong contribution include the Asian monsoon region,
Subtropical West Pacific, Tropical West Pacific, and East Pacific. While in boreal winter,
more water vapor originates from Tropical Africa, Tropical West Pacific, northern Aus-
tralia, and Tropical America. The differences between the contribution to mentryH2O from the
360-K level and the water vapor mass flux at the 100-Pa level indicates moisture is hor-
izontally transported during its journey upward into the stratosphere, which agrees with
previous studies that emphasized the importance of horizontal movement while air parcels
are transported upward into the stratosphere [e.g. Holton andGettelman, 2001; Fueglistaler
et al., 2004; Bonazzola and Haynes, 2004; Levine et al., 2007].
The traj-GEOSCCM run does a good job reproducing the contribution tomentryH2O from
the 360-K level, but it shows general underestimation compared to the traj-ERAi run. The
traj-WACCM run shows larger differences, including an overestimation in the contribution
from the Tropical West Pacific during both summer and winter. The traj-WACCM run
also underestimates the contribution from all other regions. This suggests that the two
dimensional horizontal winds and diabatic heating rates from the WACCM that drive the
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parcel trajectories need improvement.
Since TTL temperatures largely control the seasonal cycle of the stratospheric water
vapor, it is necessary that we examine how well the GEOSCCM and WACCM reproduce
where parcels in the trajectorymodel encounter the region of lowest temperatures and reach
the final dehydration point (FDP) during 2005 to 2014 (Figures 3.7 and 3.8). The traj-ERAi
run shows that most FDPs take place in between 15°S and 15°N, where the troposphere-to-
stratosphere transport of water vapor is strong (Figures 3.4 and 3.6) and the temperatures
are low [Fueglistaler et al., 2009]. In this latitude range, the JJA FDP maxima occur in
South Asia and the Tropical Pacific, while the DJF FDP maxima occur in the Tropical
West Pacific, Tropical Africa, and South America.
The traj-GEOSCCM run underestimates the dominance of FDPs in South Asia.
While the traj-WACCM run shows substantial overestimation in the winter FDP density in
southern Tropical West Pacific. The traj-WACCM run also underestimates the winter FDP
density in Tropical Africa and Tropical America. These differences in the FDP patterns
from the traj-GEOSCCM and traj-WACCM are attributed to the differences in the details
of the transport patterns they produced (Figures 3.4 and 3.6).
The vertical distribution of FDPs in the traj-GEOSCCM run agrees with the traj-
ERAi run that most of the FDPs take place below the 380-K potential temperature surface
in the coldest region in the TTL (Fig. 3.8). However, the traj-WACCM run shows that
the FDPs locate at higher levels than those in the traj-ERAi run. Specifically, 33% of the
parcels in the traj-WACCM run dehydrate above the 380-K surface (Table 2.1). This occurs
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because the coldest region in the WACCM is centered at a higher altitude than that in the
ERAi.
We then further investigate howwell the CCMs reproduce the contribution to the sea-
sonal cycle of the tropical lower stratospheric water vapor from the three latitude bands:
40°S - 15°S (SH), 15°S - 15°N (TR), and 15°N - 40°N (NH) (Figures 3.9 and 3.10). Both
the traj-GEOSCCM run and traj-WACCM run agree with the traj-ERAi run that water va-
por originating from and entering the stratosphere in the TR largely controls the moisture,
phase and the seasonal oscillation of the seasonal cycle. This is consistent with our result
that the deep tropics (15°S - 15°N) dominates both the troposphere-to-stratosphere trans-
port of water vapor (Figures 3.4 and 3.6) and the final dehydration (Fig. 3.7) throughout
the year. The traj-GEOSCCM run and traj-WACCM run also agree with the traj-ERAi run
that the NH contributes a smaller part of the seasonal cycle and that the SH makes almost
no contribution.
Finally, we examine how the seasonal cycle of the tropical lower stratospheric water
vapor changes during the 21st century in the two CCMs (Fig. 3.11). Both the GEOSCCM
and the WACCM predict the seasonal cycle will be moister throughout the year by the end
of the century. The mean of the seasonal cycle will increase by 0.93 ppmv (25%) in the
GEOSCCM and 1.85 ppmv (41%) in the WACCM (Table 3.1). This is consistent with the
increase of the temperature at the 380-K surface during the century predicted by the two
CCMs (Fig. 3.14b). However, the two CCMs disagree with the change in the amplitude of
the seasonal cycle during the century. The GEOSCCM predicts the amplitude will increase
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by 0.64 ppmv (36%), while theWACCMpredicts the amplitudewill decrease by 0.32 ppmv
(28%).
In the meantime, we also test if the trajectory model driven by the CCMs does a
good job reproducing those changes. The trajectory runs agree with the CCMs that the
water vapor concentration in the seasonal cycle will be increasing during the 21st century.
However, both the traj-GEOSCCM and traj-WACCM runs under predict the changes in
the water vapor concentration and failed to show changes in the amplitude of the seasonal
cycle. Since we didn’t include the evaporation of lofted ice in our trajectory runs, the
impact of the long-term changes in the evaporation of lofted ice, which play important
roles in the changes of the tropical lower stratosphere moisture for the two CCMs [Dessler
et al., 2016], is missing in our trajectory results. The changes in both the mean value and
the amplitude of the seasonal cycle are better reproduced if ice data from the GEOSCCM
and WACCM is added to the trajectory model (not shown).
Since the long-term trend of the TTL temperatures largely controls the changes in
the stratospheric water vapor during the 21st century [e.g. Fueglistaler and Haynes, 2005;
Oman et al., 2008; Gettelman et al., 2009; Kim et al., 2013], and that most FDPs occur at the
coldest levels in the TTL, it is necessary for us to investigate how the FDP locations change
in the trajectory model driven by the CCMs as the climate warms. In general, both the traj-
GEOSCCM run and traj-WACCM run show that the changes in the TTL temperatures and
the altitude of the coldest region will largely control the FDP pattern both vertically and
horizontally (Figures 3.12, 3.13, and 3.14).
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The annual average horizontal distributions of the changes in the FDPs from the
traj-GEOSCCM run and traj-WACCM run show different patterns (Fig. 3.12). The dis-
agreement comes from the different patterns shown in the changes of the temperatures at
the coldest levels in the GEOSCCM and theWACCM. The traj-GEOSCCM run shows that
the FDPs will increase in the Tropical West Pacific, where the increase in the temperatures
is the smallest. While the decrease of the FDPs occurs in other regions outside of the Trop-
ical West Pacific, where the temperatures will increase more intensely. The traj-WACCM
run, however, shows the FDPs will decrease in the Indian Ocean, the Indonesian region,
and northern Australia. The decrease of the FDPs in the traj-WACCM run is co-located
with a maximum increase in the temperatures at the coldest levels.
There are also differences in the vertical distribution of the changes in the FDPs
between the traj-GEOSCCM run and the traj-WACCM run (Fig. 3.13). In the traj-
GEOSCCM run, there is an increase in the FDPs at the upper center of the coldest levels
in the TTL (375 K - 400 K potential temperature), while the decrease in the FDPs will
occur around the lower levels of the coldest region (360 K - 370 K potential temperature).
But overall there’s little change in the average FDP level in the traj-GEOSCCM run (Fig.
3.14a). The traj-WACCM run, on the other hand, predicts the FDPs will rise significantly,
with increasing FDPs reaching as high as420-K potential temperature. This corresponds
to a more significant increase in the TTL temperatures (Fig. 3.14b) and a rise of the coldest
levels in the TTL during the century.
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